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Abstract

We present a compilation of *®?Os concentrations (representing non-radiogenic
0Os) and initial **’0s/*®0s isotope ratios from organic-rich mudrocks (ORM) to explore
the evolution of the Os geochemical cycle during the past three billion years. The initial
1870s/*®0s isotope ratio of a Re-Os isochron regression for ORM constrains the local
paleo-seawater *8’0s/*®0s, which is governed by the relative magnitudes of radiogenic
Os (old continental crust) and unradiogenic Os (mantle, extraterrestrial, and
juvenile/mafic/ultramafic crust) fluxes to seawater. A first-order increase in seawater
1870s/*®80s ratios occurs from the Archean to the Phanerozoic, and may reflect a
combination of increasing atmosphere-ocean oxygenation and weathering of
progressively more radiogenic continental crust due to in-growth of *¥’Os from
radioactive decay of '®’Re. Superimposed on this long-term trend are shorter-term
fluctuations in seawater *¥0s/*®®0s ratios as a result of climate change, emplacement of
large igneous pravinces, bolide impacts, tectonic events, changes in seafloor spreading
rates, and lithological changes in crustal terranes proximal to sites of ORM deposition.
Ediacaran-Phanerozoic ORM have mildly higher **Os concentrations overall compared
with pre-Ediacaran Proterozoic ORM based on the mean and 95% confidence interval of
10,000 median values derived using a bootstrap analysis for each time bin (insufficient
Archean data exist for robust statistical comparisons). However, there are two groups
with anomalously high '*?Os concentrations that are distinguished by their initial

18705/'%0s isotope ratios. Ediacaran-Cambrian ORM from South China have radiogenic



initial ¥’0s/*®0s, suggesting their high *?0s concentrations reflect proximal Os-rich
crustal source(s), ultraslow sedimentation rates, and/or other unusual depositional
conditions. In contrast, the unradiogenic initial **’Os/**0s and high '*0s concentrations
of some Mesozoic ORM can be tied to emplacement of large igneous provinces.
Excluding these two anomalous groups and repeating the bootstrap analysis, we find that,
overall, the "?Os concentrations for the Ediacaran-Phanerozoic and  pre-Ediacaran
Proterozoic time bins are not significantly different. An improved understanding of Os
geochemical behavior in modern environments is required before our compilation can be

fully used to constrain the temporal evolution of the seawater Os reservoir.

1. INTRODUCTION

Variations in the seawater reservoir of trace metals through time reflect the
interplay of multiple factors, including atmosphere-ocean O, levels, biological evolution,
biogeochemical cycles, climate change (greenhouse/icehouse states), shifts in the relative
fluxes of crustal versus mantle inputs to seawater during tectonic reorganizations and
emplacement of large igneous provinces, and the growth and chemistry of the oceanic
and continental crust (see the recent review by Robbins et al., 2016). First-order temporal
changes in seawater trace metal reservoirs (i.e., on timescales of >> 100 Myr) can be
inferred from first-order trends in the trace metal concentrations of marine sedimentary
rocks such as organic-rich mudrocks (ORM) or iron formations if the depositional

environment of these sedimentary rocks are reasonably well understood. Recently, such



temporal compilations have been presented for several trace metals that are bioessential
and/or redox-sensitive (e.g., Mo, Ni, Zn, U, V, Cr, Co, Se; Scott et al., 2008; Konhauser
et al., 2009, 2015; Sahoo et al., 2012; Partin et al., 2013a, 2013b; Reinhard et al., 2013;
Robbins et al., 2013; Scott et al., 2013; Swanner et al., 2014; Large et al., 2014, 2015;
Stlieken et al., 2015; Robbins et al., 2016; D. Tang et al., 2016).

The marine geochemical cycle of each trace metal has evolved in a unique fashion
that reflects that metal's geochemical behavior and oceanic mass balance. For example,
distinctive first-order increases in the Mo, Se, U, andV concentrations of ORM (bulk
rock and/or pyrite data) occur at the beginning and end of the Proterozoic Eon. This
observation suggests that the seawater concentrations of these metals increased following
the Great Oxidation Event (GOE) because of increased riverine inputs from oxidative
continental weathering, and following the Neoproterozoic Oxidation Event (NOE)
because of possible further increases in riverine inputs, increased ocean oxygenation, and
a smaller areal extent of anoxic seafloor where these metals are most efficiently removed
to sediments (Scott et al., 2008; Sahoo et al., 2012; Partin et al., 2013a; Large et al., 2014;
Stieken etal., 2015).

By contrast, the seawater concentration of the bioessential trace metals Co and Ni
may have decreased from the Archean to the Phanerozoic (Konhauser et al., 2009, 2015;
Swanner et al., 2014; Large et al., 2014). During the Archean, there may have been a
greater proportion of Ni- and Co-rich ultramafic rocks in seafloor hydrothermal systems,

and the hydrothermal alteration of these rocks may have maintained sizable Ni and Co



seawater reservoirs (Konhauser et al., 2009, 2015; Kamber, 2010; Swanner et al., 2014).
Subsequently, a switch to basalt-dominated hydrothermal systems due to cooler upper
mantle temperatures may have decreased the flux of hydrothermal Co and Ni to the
oceans. These interpretations are consistent with the observation that intervals of higher
Co and Ni concentrations in sedimentary pyrite correlate with times of increased
emplacement of large igneous provinces (Large et al., 2014).

Osmium is a transition metal in the platinum group of elements that exhibits
redox-sensitive behavior but is not biologically important, which is not surprising given
its extremely low concentration (pg/g levels) in the crust compared with most other trace
metals (ug/g levels). Osmium is unique compared with other redox-sensitive trace metals
in that it can be used as a radiogenic isotope tracer. Specifically, seawater *3’0s/**0s can
be used to constrain the relative fluxes to seawater of radiogenic Os from old felsic
continental crust versus unradiogenic Os from the mantle, extraterrestrial material, and
juvenile, mafic, and ultramafic crust (Peucker-Ehrenbrink and Ravizza, 2000). Many
studies have discussed secular changes in seawater **’Os/**0s on billion-year timescales
including the Precambrian (e.g., Kendall et al., 2009b; van Acken et al., 2013; Sperling et
al., 2014; Stein and Hannah, 2014). Nevertheless, the temporal evolution of the marine
Os geochemical cycle has not yet been explored from the perspective of Os enrichments
in sedimentary archives because of insufficient data and a relatively poor understanding
of the Os geochemical cycle compared with other redox-sensitive trace metals (e.g., Yang

et al., 2009). Recent rapid growth in the number of Os studies, however, has helped



alleviate some of these shortcomings. In addition to Os concentration and isotope data,
the *¥'Re-'¥’0Os geochronometer in ORM can yield depositional ages and confirm closed-
system behavior since the time of deposition (e.g., Cohen et al., 1999; Anbar et al., 2007;
Kendall et al., 2009a, 2009b; Stein and Hannah, 2014). Both advantages can be exploited
simultaneously by Re-Os isochron regression of a suite of samples from a
stratigraphically-restricted (typically < 1 m) and conformable (no stratigraphic
discontinuities) interval of ORM, with the initial **’0s/*®®Qs ratio from the regression
providing the *¥’0s/*®0s of contemporaneous local seawater (see Hannah and Stein,
2012 for a review).

In this study, we review current knowledge on the marine Os geochemical cycle,
including the fluxes of individual Os sources and sinks, and estimates of the oceanic
residence time of Os based on total input and output fluxes. We present compilations of
both *%“Os concentrations (representing non-radiogenic Os at the time of deposition) and
initial **’0s/***0s from ORM to evaluate temporal trends over the past three billion years.
We explore the implications of our compilation for the evolution of the Os geochemical

cycle and the use of Os as a paleoceanographic tracer.

2. MARINE GEOCHEMISTRY OF OSMIUM
2.1. Seawater Os concentrations and **'Os/**®0s
In oxygenated seawater, Os accumulates as an octavalent oxyanion, an Os(IV)

chloride complex, and/or an organocomplex, with an average concentration of ~10 pg/kg



(range of 6—14 pg/kg; Koide et al., 1991; Sharma et al., 1997; Levasseur et al., 1998,
1999; Woodhouse et al., 1999; Yamashita et al., 2007; Chen and Sharma, 2009; Sharma,
2012; Georg et al., 2013). The Os concentration of Pacific, Atlantic, and Southern
seawater is not uniform with depth (maximum concentrations occur in the middle water
column), suggesting non-conservative behavior for Os in the oceans (Chen and Sharma,
2009).

The *¥’0s/*®0s of the modern deep ocean is ~ 1.05 (Sharma et al., 1997;
Levasseur et al., 1999; Woodhouse et al., 1999; Peucker-Ehrenbrink and Ravizza, 2000;
Chen et al., 2009). Seawater does not have a globally homogeneous **’Os/*®0s. Lower
870s/*®80s has been observed in surface ocean waters (~ 0.95) compared with deeper
waters (~ 1.05), likely due to anthropogenic inputs to surface waters (Chen et al., 2009).
Regional (non-anthropogenic) variations of modern and late Pleistocene open-ocean
seawater ¥’0s/*®0s have also been reported (Paquay and Ravizza, 2012; Rooney et al.,
2016). In restricted basins and coastal regions, seawater *’0s/**0s can be locally
different from deep open ocean seawater because of highly heterogenous local riverine
Os inputs-and/or groundwater discharge to seawater (Ravizza et al., 1991; Martin et al.,

2000; Poirier, 2006; Paul et al., 2010; Rooney et al., 2016).

2.2. Sources of Os to Seawater
There are seven sources of Os to modern seawater: 1) oxidative weathering of the

upper continental crust followed by riverine transport, 2) groundwater discharge, 3) high-



temperature and low-temperature submarine hydrothermal systems on the ocean floor, 4)
aeolian dust, 5) cosmic dust, 6) volcanic aerosols, and 7) anthropogenic sources
(Levasseur et al., 1999; Peucker-Ehrenbrink and Ravizza, 2000; Chen and Sharma, 2009;
Paul et al., 2010; Rauch et al., 2010; Stein and Hannah, 2014). Precipitation is not
included as it is not strictly an end-member, but must contain Os derived from a
continental/aeolian, cosmic, volcanic, or anthropogenic source. Rivers, groundwater
discharge, and potentially submarine hydrothermal fluids are regarded as the major
sources of Os to seawater (Levasseur et al., 1999; Peucker-Ehrenbrink and Ravizza,
2000; Paul et al., 2010; Stein and Hannah, 2014). Aeolian dust, cosmic dust, and volcanic
aerosols probably constitute a minor fraction of the total Os input to seawater (Peucker-
Ehrenbrink and Ravizza, 2000), but anthropogenic inputs are currently having a major
impact on the Os geochemical cycle (Chen et al., 2009; Rauch et al., 2010). Below, we

describe the flux and isotopic composition of each Os source to seawater (Fig. 1).

2.2.1. Rivers and groundwater: sources of radiogenic Os

During partial melting in the upper mantle, Os behaves as a compatible element
with respect to mantle minerals, whereas Re is moderately incompatible. Hence, the
partial melts and thus the crustal rocks crystallized from them have higher Re/Os ratios
than the mantle (Shirey and Walker, 1998). Over time, the radioactive decay of *’Re to

8705 results in higher ¥”0s/*®0s ratios for the crust relative to the mantle. Oxidative



weathering of old continental crust thus releases radiogenic Os that can be transported by
rivers and groundwater to the oceans.

Riverine Os concentrations range from 4.6 to 52.1 pg/kg (average = 7.9 pg/kg)
based on analysis of water samples from 17 rivers worldwide (representing 35% of
discharge); thus, river and seawater Os concentrations overlap (Fig. 1; Levasseur et al.,
1999). Indeed, the ratio of dissolved Os to particulate Os is only ~ 0.1, indicating that
only a small amount of Os is delivered to the oceans in dissolved form (Sharma, 2012).
By assuming a riverine flux to the ocean equal to 37,400 km*/yr (Berner and Berner,
1987), Levasseur et al. (1999) calculated a total Os riverine flux of 295 kg/yr. Similarly,
Peucker-Ehrenbrink and Ravizza (2000) assumed an overall average Os concentration of
9.1 pg/kg for rivers, which corresponds to an estimate of ~ 350 kg/yr for the total Os
riverine flux. As noted by Sharma et al. (2007a), additional studies of rivers (e.g., Huh et
al., 2004; Chen et al., 2006; Gannoun et al., 2006; Sharma et al., 2007a; Turekian et al.,
2007) do not appreciably change these averages.

Oxburgh(2001) pointed out that some rivers with smaller water fluxes can
contain much higher Os concentrations (> 30 pg/kg) whereas rivers with larger fluxes
have Os concentrations similar to that of seawater. However, the Os dataset for small
rivers is small. If smaller rivers have a higher average Os concentration than large rivers,
then the riverine input flux of Os to the oceans is potentially underestimated. Another
factor affecting estimates of the riverine Os flux to the oceans is that a portion of the Os

(perhaps ~ 15%) may be retained in estuaries, particularly in Arctic and temperate regions



(Turekian et al., 2007). Taking the effect of estuaries into consideration, Sharma et al.
(2007) and Georg et al. (2013) estimated 284 kg/year and 267 kg/year, respectively, for
the riverine Os flux.

The *¥’0s/**80s of modern rivers spans a large range (1.1-2.9) and is suggested to
have an average of ~ 1.2-1.5 (Levasseur et al., 1999; Peucker-Ehrenbrink, 2002; Sharma
et al., 2007a; Sharma, 2012; Georg et al., 2013; Fig. 1). If the upper end of this estimate is
correct, then the riverine flux would be more radiogenic than average upper continental
crust (0.8-1.4; Esser and Turekian, 1993; Peucker-Ehrenbrink and Jahn, 2001; Hattori et
al., 2003; Chen et al., 2016), which can be reconciled by preferential release of radiogenic
¥70s during oxidative weathering of Re- and Os-rich crustal sulfide minerals
(particularly molybdenite and pyrite) and ORM (Cohen et al., 1999; Stein et al., 2001;
Hannah et al., 2004; Morelli et al., 2004; Golden et al., 2013; Dubin and Peucker-
Ehrenbrink, 2015). Crustal sulfide minerals may be the most important reservoir of Os
given that ORM are estimated to contain only ~ 5-10% of the crustal Os reservoir (Dubin
and Peucker-Ehrenbrink, 2015). However, the average **’0s/**0s of the crustal sulfide
Os_reservoir is poorly constrained, and thus the river average ‘*’0s/**®0s has a large
uncertainty.

Groundwater discharge of Os to the oceans may be an important source of Os.
Groundwater samples from the Bengal plain (Asia) are characterized by high Os
concentrations of 16.9-191.5 pg/kg (average = 70 pg/kg) and radiogenic *°’0s/***Os

ranging from 0.96 to 2.79 (Paul et al., 2010). Assuming the average Os concentration of



groundwater from the Bengal Basin (70 pg/kg) is representative for that of global
groundwater, and the total groundwater discharge to the ocean of 2600 km®/yr (Berner
and Berner, 1987; Zektser and Loaiciga, 1993), then the total groundwater Os flux may
be ~ 182 kg/yr, which potentially represents the second largest Os input to the oceans
after rivers. Because the role of groundwater discharge on the marine Os budget remains

poorly constrained, the above estimate is tentative.

2.2.2. Seafloor hydrothermal systems and cosmic dust: sources of unradiogenic Os

In contrast to rivers and groundwater, high-temperature hydrothermal fluids on
the seafloor supply unradiogenic mantle-derived Os to the oceans (**'Os/*®80s ~ 0.13)
whereas low-temperature hydrothermal fluids are a source of more radiogenic Os
(**’0s/**®0s ~ 0.88; Ravizza et al., 1996; Shirey and Walker, 1998; Peucker-Ehrenbrink
and Ravizza, 2000; Cave et al., 2003; Sharma et al., 2000, 2007b; Fig. 1). The Os
concentrations of these hydrothermal fluids range from 3 to 100 pg/kg. Recently, Georg
et al. (2013) estimated high-temperature and low-temperature hydrothermal fluxes of ~
30 kg/yr and ~ 19-56 kg/yr, respectively. Hence, basalt-dominated seafloor hydrothermal
systems are minor sources of Os to the oceans compared with rivers (and possibly
groundwater). Ultramafic-hosted hydrothermal systems at slow- and ultraslow-spreading
ridges may provide larger fluxes of Os to seawater given that peridotites are enriched in
Os by 2-3 orders of magnitude compared with basalts (e.g., Shirey and Walker, 1998),

but direct measurement of Os concentrations in fluids from ultramafic-hosted systems



have not been made (Cave et al., 2003; Sharma et al., 2007b). If confirmed, then the flux
of hydrothermal Os to the oceans is strongly controlled by the host lithology at seafloor
spreading centers.

Cosmic dust is characterized by high Os concentrations of 0.270—8.8 mg/kg and
unradiogenic **’0s/*%0s of ~ 0.13 (Luke and Allégre, 1983; Sharma et al.; 1997; Walker
et al., 2002). The total extraterrestrial flux of Os to the oceans, assuming complete
dissolution of cosmic dust, has been estimated at 7 to 60 kg/year (Peucker-Ehrenbrink
and Ravizza, 2000; Dalai and Ravizza, 2006; Sharma et al., 2007b), with a value of ~ 19
kg/year used by Georg et al. (2013). However, it-is not known if all Os from cosmic dust
is dissolved into the oceans (Sharma et al., 2007Db), raising the possibility that the cosmic
Os flux is overestimated.

Subaerial exposure and weathering of mafic and especially ultramafic Os-rich
rocks and juvenile crust (enriched in Os: 1-10 pg/kg) will also release unradiogenic Os
(**’0s/*®0s ~ 0.13) to the oceans, but is not an important process today (Fig. 1; Crocket,
1979; Shirey and Walker, 1998; Saal et al., 2001). Such a flux may have been important
in the past, however, such as during the emplacement and weathering of large igneous

provinces (e.g., Turgeon and Creaser, 2008).

2.2.3. Other sources of osmium to seawater
Aeolian dust contains Os concentrations of 19-100 ng/kg and radiogenic

18705/*%0s similar to the upper continental crust (Fig. 1; Esser and Turekian, 1993;



Peucker-Ehrenbrink and Jahn, 2001; Hattori et al., 2003). Peucker-Ehrenbrink and
Ravizza (2000) estimated the aeolian dust flux to the oceans at ~ 28 kg/year. Volcanic
aerosols have Os concentrations of 0.03—1 pg/kg and variable **’0s/**0s of 0.12-0.60
(Krahenbunhl et al., 1992; Sims et al., 2005; Yudovskaya et al., 2008). The flux of Os
from volcanic aerosols is poorly constrained, but rainwater associated with ocean island
volcanism is not enriched in Os, suggesting that volcanic aerosols are not an important
source of Os to seawater (Sharma et al., 2007b).

Anthropogenic Os in precipitation (**’Os/*®®0s = 0.16-0.48) appears to have
decreased the **’0s/*®®0s of surface seawater from ~ 1.05 to ~ 0.95, with the flux of
anthropogenic Os to the oceans estimated to be ~ 2391 kg/year (Chen et al., 2009).
Hence, anthropogenic inputs (e.g., high demand for automobile catalytic converters,
increased fossil fuel combustion) are currently affecting the Os marine geochemical cycle
at a global scale (Chen et al., 2009; Rauch et al., 2010). It is less clear, however, to what
extent anthropogenic Os in precipitation has influenced estimates of the riverine and

groundwater fluxes of Os to the oceans.

2.3. Osmium sinks and their burial rates in modern marine environments
The Os sinks in the modern ocean are anoxic sediments underlying suboxic and
anoxic bottom waters, as well as ferromanganese (Fe-Mn) crusts/nodules, carbonates, and

pelagic/hemipelagic sediments deposited from oxygenated bottom waters.



2.3.1. Anoxic sediments

Dissolved Os species become insoluble and are removed from seawater into
anoxic sediments underlying suboxic and anoxic bottom waters (Levasseur et al., 1998;
Selby and Creaser, 2003; Yamashita et al., 2007). Here, we use the term “suboxic” to
denote environments with mildly or weakly oxygenated bottom waters and- limited O,
penetration (< 1 cm) below the sediment-water interface. Several factors may influence
the Os removal process, such as hydrolysis, sulfur complexation, and organic
complexation, but these processes are not well understood (Yamashita et al., 2007).
Osmium may be removed first as Os(IV), followed by further reduction to Os(lIl) in
anoxic sediments (Yamashita et al., 2007). In general, the Os concentrations of pyrite
nodules from ORM are significantly lower than those in bulk ORM, suggesting that
removal of Os from sediment pore waters largely occurs before the formation of
diagenetic pyrite nodules (Cohen et al., 1999). However, syn-depositional to early
diagenetic pyrites are known to contain high concentrations of Os (Hannah et al., 2004),
so both organic matter and sulfide minerals can be significant hosts for Os in ORM.

Authigenic enrichments of Os occur in sediments underlying suboxic and anoxic
(including euxinic) waters. It is not known if Os removal can efficiently occur within an
anoxic water column, or mostly takes place below the sediment-water interface.
Authigenic Os enrichments are known to occur in ORM without Mo enrichment,
suggesting that Os burial in sediments does not simply scale with dissolved H,S

availability as is generally the case for Mo (Erickson and Helz, 2000; Morford et al.,



2005; Xu et al., 2014; Scott and Lyons, 2012). Osmium burial fluxes for sediments
underlying suboxic bottom waters (oxygen minimum zones) in continental margin
settings range from 2 to 12 pg/cm’/yr (Ravizza and Turekian, 1992; Dean, 2006; Paquay.
and Ravizza, 2012). By comparison, average Os burial fluxes into sediments underlying
euxinic bottom waters in the weakly restricted Saanich Inlet and moderately restricted
Cariaco Basin are not significantly different at 16 pg/cm?yr (Poirier, 2006) and 6—10
pg/cm?/yr (over the past 15 kyr; Oxburgh et al., 2007), respectively (Table 1).

Lower Os burial rates (2.0-3.1 pglcm?/yr) are observed in the euxinic sediments
of the more restricted Black Sea (Ravizza et al., 1991), suggesting that the Os burial flux
in anoxic sediments is influenced by the degree of basin restriction from the open ocean.
Although direct measurement of bottom water Os concentrations in anoxic basins has not
yet been done, it is possible that the lower Os burial fluxes in the Black Sea reflect lower
bottom water Os concentrations because of slow rates of deep-water renewal. A positive
correlation between bottom water concentrations and authigenic metal enrichment in the
sediments of modern anoxic basins has been shown for some redox-sensitive metals like
Mo-and Zn (Algeo and Lyons, 2006; Scott et al., 2013). Despite the greater degree of
water restriction and lower Os burial rate in the Black Sea, however, the sediments have
higher Os concentrations and Os/TOC ratios relative to sediments in the less restricted
Saanich Inlet and Cariaco Basin (Ravizza et al., 1991; Poirier, 2006; Oxburgh et al.,

2007; Paquay and Ravizza, 2012). Hence, other factors (e.g., sedimentation rates, organic



matter characteristics, water column pH) likely influence the Os concentrations of

organic-rich sediments in semi-restricted basins.

2.3.2. Oxic sediments

In oxygenated marine environments, higher Os concentrations are found in Fe-Mn
crusts and nodules (10°-10* pg/g; Koide et al., 1991; Burton et al., 1999; Peucker-
Ehrenbrink and Ravizza, 2000; McDaniel et al., 2004) and metalliferous sediments
(10—-1500 pg/g; Ravizza, 1993; Peucker-Ehrenbrink et al., 1995). Generally lower Os
concentrations are found in non-metalliferous carbonates and fine-grained siliciclastic
muds (25—360 pg/g; Ravizza et al., 2001; Dalai et al., 2005; Dalai and Ravizza, 2006).

Given a typical Fe-Mn crust growth rate of 1-10 mm/Ma and bulk density of 2
glcm® (Burton et al., 1999), the accumulation rate of Fe-Mn crusts is (0.2-2) x 107
g/cm?/yr, which agreeswith measurements of Mn sedimentation rate in deep-sea pelagic
sediments and nodules ([0.1-3.4] x 10® g/lcm?/yr; Bender et al., 1970). Combined with
Os concentrations of 10°-10* pg/g in Fe-Mn crusts and nodules, the average Os burial
rate-in this oxic setting is 6 x 10 pg/cm?/yr (geometric mean, Table 1) Hence, Fe-Mn
crusts and nodules are not a significant sink in the marine Os budget.

Other types of seafloor sediments in oxic settings are associated with higher Os
burial rates. For example, Paquay and Ravizza (2012) calculate Os burial fluxes of 0.03—
0.09 pg/cm?/yr for pelagic carbonates from ODP Site 849 in the Eastern Equatorial

Pacific. Similarly, hemipelagic muds from the Sea of Japan, deposited after the last



glacial maximum, record Os burial rates of 0.05-0.11 pg/cm?/yr. These burial rates are a
few orders of magnitude greater than for Fe-Mn crusts and nodules. Overall, the Os burial
flux in oxic settings is not well understood and more studies are required to further refine

the estimate for Os flux into oxic sinks.

2.4. Oceanic Os mass balance and seawater residence time

Previous estimates of the residence time for Os in seawater ranged between ~ 5
and 54 kyr, which is shorter than the residence times of many other redox-sensitive trace
metals (e.g., 400-500 kyr for Mo and U; Ku et al., 1977; Dunk et al., 2002; Miller et al.,
2011) but longer than the modern ocean mixing time (1-2 kyr) (Sharma et al., 1997;
Levasseur et al., 1998, 1999; Woodhouse et al., 1999; Oxburgh, 2001; Oxburgh et al.,
2007; Paquay and Ravizza, 2012; Georg et al., 2013). The large uncertainty in the
seawater Os residence time is not surprising given that large uncertainties remain for Os
input/output fluxes (Levasseur et al., 1998, 1999; Peucker-Ehrenbrink and Ravizza, 2000;
Oxburgh, 2001; Oxburgh et al., 2007; Paul et al., 2010; Hannah and Stein, 2012; Georg et
al., 2013).

A non-anthropogenic Os isotope mass balance to explain the '*’0s/**®0s of
modern deep seawater (~1.05) can be expressed by the following equation:

18705/188055eawater — (18705/18805rivers frivers + 18705/18805gr0undwater fgroundwater +

187 188 187 188
Os/ OShigh—T hydrothermal fhigh—T hydrothermal + Os/ OSIow—T hydrothermal flow—T hydrothermal

187 188 187 188 187 188
+ Os/ OScosmic fcosmic + Os/ Osaeolian faeolian + Os/ OSvolcanic fvolcanic) / ftotal



where f = flux of Os from each source. Despite the large uncertainties on essentially all
fluxes of Os to the oceans as well as the average isotopic compositions of rivers,
groundwater, low-temperature hydrothermal fluids, and aeolian dust, it is noted that the
modern deep ocean **’0s/**®0s can be obtained using current estimates (e.g., Fig. 2a).
However, this solution uses minimum estimates for average riverine and -aeolian
1870s/*®0s, and other mass-balance solutions can easily be visualized. As just one
example, if the high-temperature hydrothermal flux of Os to the oceans is found to be
higher than previously estimated (i.e., an additional Os contribution from ultramafic-
hosted hydrothermal systems), then more radiogenic river, groundwater, and/or aeolian
dust would be required to explain the deep seawater **’0s/**®0s of 1.05 (e.g., Fig. 2b).
Given that anoxic settings cover ~ 0.35% of the total seafloor and considering the
range of Os burial rates in anoxic basins (2-16 pg/cm?/yr), the total Os burial flux for this
sink today is between 25 and 202 kg/yr (Table 1). Assuming that suboxic settings cover ~
6.00% of the total seafloor and are associated with burial rates of 2-12 pg/cm?/yr,
significantly higher total Os burial fluxes of 433 to 2600 kg/yr are calculated (Table 1).
Using the Os burial rates of 0.05-0.11 pg/cm?yr from the Sea of Japan and Eastern
Equatorial Pacific and assuming the oxic sink covers ~ 93.65% of the total seafloor, we
calculate a total burial rate of ~ 170-372 kg/yr for this sink. This estimate is probably a
maximum for the total Os burial flux into oxic sediments given the much slower burial

rates into Fe-Mn crusts and nodules. Considering the minor fraction of the seafloor



covered by suboxic and anoxic sinks, the disproportionately high burial fluxes of Os into
these sinks demonstrate the redox-sensitive nature of Os.

Our estimates of the Os sink fluxes poses a conundrum — the range of possible
total Os burial fluxes (oxic + suboxic + anoxic sinks) largely exceeds the estimated total
Os input flux into the oceans (nearly 600 kg/yr; Fig. 2a). It is possible to balance the
oceanic Os budget when the lower end of the range of suboxic burial fluxes is used.
Alternatively, the total Os input flux to the oceans may be underestimated, in which case
the larger burial sink fluxes (particularly for the suboxic sink) can be accommodated.
More studies are required to better constrain the representative Os burial rate of each sink

and the oceanic mass balance of Os.

3. METHODS

3.1. Compilation of ***Os concentrations

We define Archean, pre-Ediacaran Proterozoic, and Ediacaran-Phanerozoic time
bins to determine if there is any evidence that coupled first-order increases in the Os
concentrations and initial '*’0s/*®0s (= local seawater *’0s/*®0s at the site of
deposition) of ORM occurred over time, as might be expected due to increased
atmosphere-ocean oxygenation. All data used in our Os compilation were derived from
the published literature. Osmium and total organic carbon (TOC) contents were compiled
from ~ 1000 samples of ORM (Table A.1). We passed the Os data through a quality filter

to exclude oxygenated sediments, obvious examples of sediments deposited in non-



marine basins based on paleogeographic and sedimentological information, sediments
deposited in highly restricted basins, and sediments significantly affected by post-
depositional disturbance. Geologically reasonable and precise Re-Os ages are available
for most intervals, and suggest negligible or minor post-depositional disturbance of ORM
by weathering, metamorphism, and subsurface hydrothermal fluid flow.

Our compilation efforts targeted samples representing local anoxic sediment
conditions, with overlying bottom waters that are suboxic to anoxic. This approach is
justified because of the nearly similar Os burial< rates'in modern suboxic and
anoxic/euxinic basins (Table 1). For all pre-modern samples in the compilation, Re
concentration data are available to serve as an independent indicator of local redox
conditions at the site of deposition. In modern continental margin environments where
bottom waters are well-oxygenated and the depth of O, penetration below the sediment-
water interface is > ~1 cm, negligible authigenic Re enrichments are typically observed in
sediments (Crusius et al., 1996; Morford and Emerson, 1999; Morford et al., 2005, 2012).
By contrast, if the bottom waters are only mildly oxygenated or anoxic, then the depth of
O, penetration below the sediment-water interface is typically small (< ~1 cm) or
negligible, resulting in Re concentrations in organic-rich sediments that are higher than
the average Re concentration of the upper continental crust (198 pg/g from Peucker-
Ehrenbrink and Jahn, 2001; 230370 pg/g from Dubin and Peucker-Ehrenbrink, 2015;

400 pg/g from Esser and Turekian, 1993). For our compilation, we rejected Os data from



samples with Re concentrations < 5 ng/g because such low concentrations reflect
deposition from well-oxygenated bottom waters.

For some intervals, independent evidence for sediment anoxia is also provided by
Mo enrichments and sedimentary Fe speciation data. Molybdenum concentrations higher
than that of the average upper crust (1.5 pg/g; McLennan, 2001) indicate the presence of
dissolved hydrogen sulfide in sediment pore waters, and concentrations >100 pg/g point
to water column euxinia (Scott and Lyons, 2012). The ratio_of biogeochemically highly
reactive Fe to total Fe (Feur/Fer) in sediments deposited in anoxic marine basins
typically exceeds 0.38, whereas sediments deposited in oxygenated settings have lower
ratios (Raiswell and Canfield, 1998; Poulton and Raiswell, 2002; Poulton and Canfield,
2005, 2011). In addition, Fe/Al ratios greater than the average crustal value of ~ 0.5 point
to anoxic bottom water conditions (Lyons and Severmann, 2006). Degree of pyritization
(DOP) values (defined as Fepy/[Fepy + Fenci] where Fenci represents the acid-soluble
iron content determined from a one-minute boiling HCI extraction) that are higher than
0.45 indicate an anoxic water column (Raiswell et al., 1988, 1994; Lyons and Severmann,
2006). Table A.2 identifies intervals containing elevated Mo concentrations and Fe
speciation and DOP evidence for anoxic sediment conditions, in addition to Re
enrichment.

In addition to well-oxygenated conditions, a high degree of restriction between
the open ocean and a local sedimentary basin can cause low Re and Os concentrations in

sediments even if the overlying bottom waters are anoxic (e.g., McArthur et al., 2008).



Our Re filter helps exclude unusually low **0s concentrations from ORM deposited in
highly restricted basins. Euxinic sediments in the Black Sea, however, still have Re
concentrations higher than 5 ng/g (Ravizza et al., 1991). Hence, it is likely that some Os
data from ancient semi-restricted basins are included in our compilation. Although we
cannot rectify this issue, it likely affects all time bins to some extent, such that first-order
differences in the Os data between time bins arising from other factors (such as changes
in atmosphere-ocean oxygenation) may still be discernable (as was the case for the
compilations of Mo and U concentrations in ORM; Scott et al., 2008; Partin et al., 2013a;
Reinhard et al., 2013).

In addition to ***Os concentrations, we also present a compilation of **>0s/TOC
ratios to (1) explore the extent to which **Os and TOC contents are correlated in ORM,
and (2) check for any effect of variable organic carbon enrichment on the temporal trends
of *%20s enrichments inORM. As a further quality control measure, we rejected samples
with low total organic carbon (TOC) contents of less than 0.5 wt.% to avoid spuriously
high **?0s/TOC ratios.

Osmium concentrations in ORM reflect syn-depositional Os plus radiogenic **’Os
produced by in-situ radioactive decay of **’Re between the time of deposition and today.
Hence, the most abundant non-radiogenic Os isotope in nature (**?0s) is used to represent
depositional Os concentrations (the average **?Os concentration of the upper continental
crust is ~ 12—24 pg/g based on an average total Os concentration of 30—60 pg/g; Esser

and Turekian, 1993; Peucker-Ehrenbrink and Jahn, 2001; Hattori et al., 2003; Chen et al.,



2016). Some publications provide the *Os concentrations of samples directly, but in
many cases, only the total Os concentration and present-day *®’0s/**Os isotope ratios are
provided. In these cases, we calculated the **Os concentration of a sample using its total
Os concentration and present-day *2’Os/*®®0s isotope ratio, the fixed (constant) ‘isotope
ratios for other Os isotopes (***Os/*®®0s = 0.001383; *8°0s/*®80s = 0.11983; **0s/**0s =
1; 1¥90s/*%0s = 1.21965; *°0s/**80s = 1.98379; *20s/**0s = 3.08261), and the sample's

calculated atomic weight (which varies according to present-day **’0s/**Qs).

3.2. Compilation of Re-Os ages and initial **’Os/**®*0s

For the seawater '¥’0s/**®0s record, we compiled initial **’Os/*®80s isotope ratios
from Re-Os isochron regressions of ORM that yield geologically reasonable Re-Os
depositional ages. Most publications report Re-Os ages and initial **’0s/*®0s isotope
ratios using the regression algorithm of the Microsoft Excel add-in program Isoplot
(Ludwig, 2011). For the few exceptions, we recalculated the Re-Os age and the initial
8705/'%0s value using Isoplot. A Re-Os age is assumed to be reasonable if it has a Mean
Square of Weighted Deviates (MSWD) close to 1 because there are multiple examples of
a concordant Re-Os ORM age (with low MSWD) and a U-Pb zircon age from the same
stratigraphic unit or for the same geological timescale boundary (e.g., Selby and Creaser,
2005; Anbar et al., 2007; Selby, 2007; Turgeon et al., 2007; Xu et al., 2009). If a Re-Os
age has a higher MSWD (> 1), but is known to be reasonable based on independent

geochronological constraints, then it is considered acceptable. Such ages may have higher



MSWD because of variations in the initial *’Os/*®0s of ORM due to changes in
seawater '%’0s/**®0s over the stratigraphic interval sampled for geochronology. However,
Os samples are excluded in the compilation if negative initial *’0s/***0Os ratios are
yielded from isochrons. If a Re-Os ORM age is erroneously young or old based on
independent age constraints, then its Os data were not included in the compilation. The
vast majority of stratigraphic intervals in our compilation have geologically reasonable
Re-Os ages with MSWD < 10 (and many near ~1). Hence, post-depositional processes
are highly unlikely to have adversely affected the temporal tends in the **?Os, %°0s/TOC,

and initial ®’0s/*®0s compilations.

3.3 Statistical Analyses

Histograms for individual ***Os data points in each time bin are characterized by
long tails towards larger concentrations, indicating that the Os data do not follow normal
distributions (Fig. 3a). This observation suggests that parametric analysis (e.g., Student’s
t-test) cannot be used to validate a statistical difference between any two time bins.

A time bin average based on individual data points would be biased towards
samples with extremely high **?Os concentrations and formations / time points with a
large number of Os data points (Fig. 3a). Hence, we re-assigned individual Os values
rounded to the nearest 5 Ma (Table A.2) and calculated the average '*?Os concentration
and ?0Os/TOC ratio of each 5 Ma time point. Using these averages for 5 Ma time points,

we calculated averages, standard deviations, and medians of '%Os concentrations,



1920s/TOC ratios, and initial *’0s/*®0s ratios for each time bin (Table 2). This
procedure greatly reduces the biases and yields more representative '%°Os data.
Histograms for *Os time points in each time bin (Fig. 3b) suggest that these Os time
point data are not so strongly skewed, but nevertheless are still not normally distributed.
Therefore, to analyze Os data in each time bin, a bootstrapping method (Efron,
1979) was applied, as used in a previous Os study (Dubin and Peucker-Ehrenbrink,
2015). This technique relies on random sampling, and provides valuable estimations of a
data distribution when the realistic sample distribution<is unknown. Specifically, 10,000
19205 data subsets are generated for each time bin. Each of the 10,000 subsets for each
time bin contain the same number of data points as the corresponding time bins. Data
points in each **?Os subsets of a time bin are randomly selected from the time point
averages of that time bin using the RANDBETWEEN function in the Microsoft Excel.
This function allows picking data from all the time point averages of a time bin, whether
or not the time point averages have been previously selected. For instance, the filtered
Archean '%°Qs ‘database is (70.5, 129.5, 24.5, 346.5) (Table 2); using the
RANDBETWEEN function in the Microsoft Excel, a new subset of Archean '*?Os could
be (129.5, 346.5, 129.5, 24.5) and other possibilities are likely such as (24.5, 129.5, 70.5,
70.5). As the median is a more robust statistic than the mean for a non-Gaussian data set,
a median is calculated for each subset. For each of the time bins, we calculated a mean of

the 10,000 **?Os bootstrap medians, along with a 95% confidence interval (Table 3). This



exercise was not done for ***0s/TOC ratios, however, because *?0s-TOC relationships in

ORM were found to be complex (see section 5.1).

4. RESULTS

The filtered *%?0s, *%20s/TOC, and initial **’Os/*®®0s compilations are presented
in Fig. 4, Table A.1, and Table A.2. The *Os concentrations in the compilation span
three orders of magnitude and range between 13 pg/g and 26,592 pg/g, whereas
1920s/TOC ratios range between 4 pg/g/wt.% and 1831 pgig/wt.%. The average **Os
concentrations of ORM for the Archean, pre-Ediacaran Proterozoic, and Ediacaran-
Phanerozoic time bins based on '%°Os time points (rounded to the nearest 5 Ma, Table
A.2) are 143 = 143 pg/g (1SD, median = 100, n =4), 111 + 96 pg/g (1SD, median = 82, n
= 13), and 372 £ 616 pg/g (1SD, median = 155, n = 33), respectively (Table 2). For all
time bins, the average ***Os concentrations are elevated above the average value of the
upper continental crust (12-24 pg/g) by a factor of at least four. Average *?0s/TOC
ratios for the Archean, pre-Ediacaran Proterozoic, and Ediacaran-Phanerozoic time bins
are 65 pg/g/wt.% (median = 65, n = 1), 32 £ 16 pg/g/wt.% (1SD, median = 27, n = 6), and
97 + 90 pg/g/wt.% (1SD, median = 70, n = 21), respectively (Table 2). Initial **’Os/**®0s
ratios from Re-Os isochron regressions range between 0.06 + 0.09 and 1.26 + 0.22 (Table
A.2). Average initial **’0s/*®®0s ratios for the Archean, pre-Ediacaran Proterozoic, and

Ediacaran-Phanerozoic time bins are 0.18 + 0.04 (1SD, median = 0.18, n = 2), 0.46 +



0.29 (1SD, median = 0.43, n = 24), and 0.64 £ 0.32 (1SD, median = 0.60, n = 25),
respectively (Table 2).

The means of 10,000 **?Os bootstrap medians (with replacement) and associated
95% confidence intervals (in brackets) for the Archean, pre-Ediacaran Proterozoic, and
Ediacaran-Phanerozoic time bins based on time points are 157 pg/g (25, 347), 88 po/g
(35, 159), and 187 pg/g (91, 329), respectively (Table 3). The calculated median values of
each time bin (Table 2) fall in the corresponding 95% bootstrapped confidence intervals
(Table 3) and display a good consistency. Hence, for the rest of this study, the means of
10,000 '%20s bootstrap medians and 95% confidence intervals are used to determine if
there are statistically meaningful differences in '°Os between two time bins.

Two groups of anomalously high **Os enrichments can be readily identified from
the *°°0s and **?0s/TOC compilations and their corresponding histograms (Fig. 3). One
group is associated with highly radiogenic initial *’Os/*®®0s ratios (Ediacaran and
Cambrian Periods) whereas the other group is associated with highly unradiogenic initial
18705/'%0s ratios (Mesozoic and early Cenozoic Eras). Excluding these anomalously
high- enrichments, the average '°?Os concentration, '*0s/TOC ratio, and initial
1870s/*%0s ratio for the Ediacaran-Phanerozoic time bin is 166 + 148 pg/g (1SD, median
= 106, n = 25), 66 = 71 pg/g/wt.% (1SD, median = 38, n = 15), and 0.71 £ 0.26 (1SD,
median = 0.65, n = 18), respectively (Table 2). The mean of 10,000 *?Os bootstrap
medians (with replacement) for the Ediacaran-Phanerozoic time bin (with no anomalous

groups) is 112 pg/g with a 95% confidence interval of (72, 168) (Table 3).



5. DISCUSSION

5.1. Relationship Between *?0Os and TOC contents in ORM

We first explore the relationship between **“Os concentrations and TOC contents
in ORM. The use of **?0s/TOC ratios in ORM as a proxy for inferring the presence or
absence of temporal trends in seawater Os concentrations (i.e., between the Archean, pre-
Ediacaran Proterozoic, and Ediacaran-Phanerozoic time bins) may be a better approach
than using raw **?Os concentrations. This would be true if it.can be shown that (1) Os is
associated with organic matter, (2) a relationship exists between **?Os concentrations and
TOC contents in ORM, and (3) the *?Os/TOC ratio scales with bottom water Os
concentrations. Osmium concentrations in organic matter that was chemically separated
from ORM are known to be significantly higher than the Os concentration of bulk ORM
samples, thus demonstrating that organic matter can be a major host of Os in ORM
(Ripley et al., 2001; Selby and Creaser, 2003). If organic matter is the major host of Os,
then the *?0Os and TOC contents from a single stratigraphic interval of ORM should be
well-correlated, provided the Os concentration of overlying bottom waters, local bottom
water redox conditions, and type of organic matter delivered to sediments (a current
knowledge gap) were all constant. Good correlations are indeed found between *%?Os
concentrations and TOC contents in approximately one-third of ORM localities (R? > 0.7,

Fig. 5), implying organic matter is a major host of Os for some shales. Normalizing **?Os



concentrations to TOC contents would also have the advantage of reducing the effect of
variable ORM sedimentation rates, which affects raw **Os concentrations.

Poor correlations are observed, however, between **“Os concentrations and TOC
contents for many stratigraphic intervals in the compilation (Fig. 5). Decoupled **?Os-
TOC systematics for ORM within a single stratigraphic interval are expected- if there
were a significant variation in the *®?Os concentrations of bottom waters or a major
change in the composition of organic matter being delivered to the sediments (Rooney et
al., 2010). A good example is provided by the Touirist Formation (Fig. 5ab). Two
discrete stratigraphic sub-intervals within the Touirist Formation each yield a good
correlation between '*?0Os and TOC contents (solid line, R?> = 0.90 to 0.94). However,
each interval has a different '®?0Os-TOC slope, suggesting that local depositional
conditions were not the same for those two intervals (Rooney et al., 2010). Combining
the intervals in the Touirist Formation thus results in a poor correlation between %?0s
and TOC contents (dashed line, R? = 0.05).

Additional complications for the use of **?0Os/TOC ratios are that the molecular
composition of the organic host phase(s) for Os in ORM is poorly understood.
Furthermore, the poor **20s-TOC correlations for many ORM implies that the uptake of
Os in the ORM may be influenced by other factors such as the Os concentrations in the
water column, local bottom water redox conditions, and type of organic matter. If suitable

organic substrates are not available during deposition, Os will likely be incorporated into



sulfide minerals (e.g., Hannah et al., 2004), in which case the relationship between *?Os
and TOC contents in ORM may not be straightforward.

A final possible complication for interpreting temporal trends in the trace metal
concentrations of ORM s that these rocks are deposited predominantly in continental
margin environments rather than in open ocean settings (whose record has been largely
destroyed by subduction of oceanic lithosphere). At any one time in Earth's history,
sedimentary basins along continental margins (intracratonic basins or epicontinental seas)
will have different degrees of restriction from the open ocean; seawater metal
concentrations are lower in more restricted basins because the rate of removal of metals
to anoxic sediments exceeds rates of deepwater recharge (e.g., Algeo and Lyons, 2006;
Scott et al., 2013). Hence, basin restriction will potentially lower the **?0s/TOC ratios of
ORM. However, this may not be true for all semi-restricted basins because the modern
Black Sea has higher **?Os concentrations and '%0Os/TOC ratios than the less restricted
Saanich Inlet and Cariaco Basin (Table A.2). Although we have avoided including ORM
affected by extreme basin restriction in our compilation (see section 3.1), differences in
the efficiency of water exchange between local basins and the open ocean probably
impact some of our data in ways we cannot rectify.

Organic-rich sediments deposited during Oceanic Anoxic Event 1la (OAEla; ca.
120 Ma) provide an example of an increase in the **Os concentrations and **?0s/TOC
ratios of ORM in response to higher seawater **Os concentrations. In two stratigraphic

intervals from Italy, samples with more radiogenic initial **’Os/**®0s (calculated for each



individual sample using the depositional age and present-day isotope ratios) define good
correlations between **?0Os and TOC contents (R* ~ 0.7-0.9; squares in Fig. 5f, 5g).
However, those samples with unradiogenic initial *¥’Os/*®0s (triangles in Fig. 5f, 5g)
have higher '®0Os concentrations and plot to the right of the samples with more
radiogenic initial **’0Os/*®0s. Hence, the higher ***Os enrichments during OAEla was
probably caused by a transient increase of magmatic-hydrothermal Os inputs to seawater
during the emplacement of a large igneous province (LIP; the Ontong Java Plateau) in the
Pacific Ocean (Fig. 5f, 5g; Tejada et al., 2009; Bottini et al., 2012). A similar relationship
between *°?Os concentrations and initial **’0s/**®0s ratios was also observed for ORM
deposited during OAE2 (ca. 93.5 Ma) at a time of LIP emplacement (the Caribbean-
Colombian Igneous Plateau, Turgeon and Creaser, 2008; Du Vivier et al., 2014, 2015).
Overall, correlations between **Os and TOC content suggest that organic matter
is a major Os host for some shales, but not the only one (Fig. 5). Os enrichment in ORM
must be controlled by other factors (such as bottom water pH conditions, temperatures,
types of organic matter) that are currently poorly understood. In addition, there is
currently no direct evidence to document a positive correlation between dissolved Os
concentrations and sediment **?0Os/TOC ratios (or sediment **Os concentrations). Hence,
19205/TOC ratios cannot provide robust evidence to reflect changes of the seawater Os
reservoir through time. Nevertheless, the mean of 10,000 **?Os bootstrap median values

and their 95% confidence intervals for ORM from the Archean, pre-Ediacaran



Proterozoic, and Ediacaran-Phanerozoic time bins should contain some information about

the average sedimentary Os reservoir during each time bin.

5.2. Temporal trends in **?Os concentrations and initial **’Os/**®0s during the past
three billion years

Temporal trends in initial **’0s/*®0s reveal first-order changes from generally
unradiogenic seawater ¥’0s/**®0s in the Archean (0.18 + 0.04, 1SD, median = 0.18, n =
2; Table 2) towards more radiogenic seawater '*’Os/*®80s during the Ediacaran-
Phanerozoic (0.64 + 0.32, 1SD, median = 0.60, n = 25; Table 2). These correspond to
increasing oxygenation on the Earth's surface (Fig. 4c) (Hannah et al., 2004; Kendall et al.,
2009b; van Acken et al., 2013; Sperling et al., 2014; Stein and Hannah, 2014) and more
radiogenic continental crust because of in-growth of radiogenic **’Os from radioactive
decay of **'Re (e.g., Hannah and Stein, 2012).

In the Archean and early Paleoproterozoic, seawater *’0s/**®*0s is commonly
indistinguishable from the unradiogenic mantle-extraterrestrial end-member, indicating a
limited riverine flux of radiogenic crustal Os to seawater in a poorly oxygenated
atmosphere-ocean system (Fig. 4c). One exception is a slightly higher initial **’Os/**®0s
(0.34 £ 0.19) from the ca. 2.5 Ga Mt. McRae Shale (western Australia) which, along with
Re and Mo enrichments (Anbar et al., 2007), was interpreted as evidence for a transient
whiff of photosynthetic O, production and accumulation that increased radiogenic Os

inputs to the late Archean Hamersley basin (Kendall et al., 2015a). Subsequently, the



GOE, from 2.4 to 2.1 Ga, marks the appearance of the first relatively oxygenated
conditions in Earth’s history with the advent of oxygen-producing cyanobacteria (e.g.,
Lyons et al., 2014). Due to a lack of Os data, only one example characterized by
unradiogenic **’0s/*®0s is currently available for the GOE, which could be associated
with the local depositional environment (e.g., a mafic/ultramafic provenance).

The next instance of seawater *8’0s/*®0s that is statistically higher than the
mantle-extraterrestrial baseline occurs in the Mesoproterozoic, consistent with permanent
establishment of a radiogenic Os riverine flux from the weathering of more radiogenic
continental crust (Fig. 4c). However, multiple examples of unradiogenic seawater
870s/**80s during and following the GOE 'in the Paleoproterozoic and Mesoproterozoic
may reflect times of lower atmospheric O, (which limits mobility of crustal radiogenic Os
and thus limits radiogenic riverine Os fluxes), proximity to local deep-sea hydrothermal
inputs, and/or local subaerial weathering of juvenile crust or mafic/ultramafic rocks.
Although seawater ¥"0s/**®0s fluctuates during the Mesoproterozoic, it is not until the
Neoproterozoic that seawater **’0s/**®0s reaches values greater than 0.7. During the late
Neoproterozoic, seawater '*’0s/**0Os reaches values up to ~ 1.2, indicating that a
substantial riverine flux of radiogenic Os to seawater existed at least intermittently during
this time (Fig. 4c). Such high seawater **’0s/**0s values may have been triggered in part
by the NOE. Nevertheless, most Phanerozoic ORM, which were deposited under
oxygenated atmospheric conditions, have lower initial **’0Os/*®0s. Hence, it is likely that

high crustal weathering rates during Gondwana supercontinent assembly (e.g., Shields-



Zhou and Och, 2011) and the greenhouse conditions following Snowball Earth
glaciations (in the case of post-glacial ORM) also played a role in driving seawater
870s/**0s to high values (Kendall et al., 2006, 2009b; van Acken et al., 2013; Rooney.et
al., 2015). The onset of Gondwana assembly could also create some restricted basins and
thus radiogenic *2’0s/*®0s from the ORMs deposited in these basins could reflect local
radiogenic riverine inputs. Nevertheless, ORMs from the Doushantuo Formation
(Member 1V, China) and Sheepbed Formation (Canada), which were deposited on a
passive margin (Zhu et al., 2013; Kendall et al., 2015b) and a long-lived deep-water
marine basin (Aitken, 1991), respectively, are characterized by radiogenic **’Os/**®0s
ratios (> 1.00), representing global radiogenic seawater during the late Neoproterozoic
(Kendall et al., 2009b; Rooney et al., 2015).

Overall, the Ediacaran-Phanerozoic time bin shows a more radiogenic **’0s/**0s
of 0.64 £ 0.32 (1SD, median = 0.60, n = 25; Table 2) compared with the record in the
Archean and pre-Ediacaran Proterozoic time bins. Weathering of more radiogenic
continental crust and an oxygenated atmosphere most likely are responsible for the
overall higher initial **’0s/***Os ratios in Ediacaran-Phanerozoic ORM relative to pre-
Neoproterozoic ORM. Large short-term fluctuations in seawater '*’0s/**®*Os also
characterize the Ediacaran-Phanerozoic time bin, reflecting changes in fluxes of
radiogenic versus unradiogenic Os associated with emplacement of large igneous
provinces, bolide impacts, tectonic events, lithologies of specific crustal terrains proximal

to semi-restricted basins, changes in seafloor spreading rates, and climate change (Fig. 4c;



e.g., Peucker-Ehrenbrink and Ravizza, 2000; Oxburgh et al., 2007; Turgeon and Creaser,
2008; Bottini et al., 2012; Paquay and Ravizza, 2012; Xu et al., 2014; Du Vivier et al.,
2014, 2015). The same geological events that affect seawater **’0s/**®0s occurred in the
Archean and pre-Ediacaran Proterozoic time bins as well, but significant short-term
fluctuations are not observed in our compilation before the Neoproterozoic. The lack of
pre-Neoproterozoic fluctuations probably results from less data, less radiogenic
8705/ 0s in crustal sources, and less riverine input to the ocean because of lower
atmospheric oxygen content.

Based on the seawater **’0s/**®0s record, the *?Os concentrations of ORM are
expected to have increased across the GOE and NOE because higher riverine Os fluxes
(i.e., more oxidative mobilization of Os) and increasing ocean oxygenation favor larger
sedimentary Os inventories. We test this hypothesis using the mean of 10,000 **?Os
bootstrap medians and-its 95% confidence interval for each time bin (see Section 3.3) to
determine if there is-a statistically meaningful difference between the time bins (Table 3).
The Archean value is 157 pg/g, with a 95% confidence interval of (25—-347). Archean Os
data -are sparse, however; statistical analysis for this time bin is therefore highly
unreliable. The mean of 10,000 **0Os bootstrap medians (88 pg/g, with 95% confidence
interval of 35—159) for the pre-Ediacaran Proterozoic is approximately 2 times lower than
that of the Ediacaran-Phanerozoic (187 pg/g, with 95% confidence interval of 91-329),
suggesting a statistically meaningful difference between the two time bins. A more

oxygenated atmosphere-ocean system and weathering of more radiogenic continental



crust potentially could explain the overall, moderately higher **?Os enrichments in
Ediacaran-Phanerozoic ORM (Table 3).

This analysis, however, may be an oversimplification. Two groups of ORM from
the Ediacaran-Phanerozoic time bin are identified by distinctive, anomalously high ***Os
concentrations and distinctly different initial **’Os/**Os ratios. Histograms clearly
demonstrate that there are far fewer data characterized by extremely high '*?Os
concentrations if these two groups are excluded (Fig. 3). As we show below, these
anomalously high **?Os concentrations are probably related to factors other than a simple
change in atmosphere-ocean O, levels and in-growth of ¥’0s/***0s in the continental
crust.

The first group comprises Mesozoic and Cenozoic ORM with unradiogenic initial
8705805 ratios (~ 0.1-0.4) and '**Os concentrations up to ~ 15,300 pg/g. Such
signatures were previously shown to arise from a large transient flux of unradiogenic Os
to the oceans during emplacement and weathering of large igneous provinces and
intensified hydrothermal activity, which temporarily increased the seawater Os inventory
(Fig-+4). In our compilation, this group is represented by the Paleocene-Eocene Thermal
Maximum event (ca. 56 Ma) (LIP: the North Atlantic Igneous Province; Dickson et al.,
2015), the Cenomanian-Turonian OAE2 (ca. 93.5 Ma) (LIP: the Caribbean-Colombian
Igneous Province; Turgeon and Creaser, 2008; Du Vivier et al., 2014, 2015), the early
Aptian OAE 1a (ca. 120 Ma) (LIP: the Ontong Java Plateau; Tejada et al., 2009; Bottini

et al., 2012), the Sinemurian-Pliensbachian boundary (ca. 190 Ma) (caused by mantle-



derived hydrothermal activity related to the formation of the Hispanic Corridor during
Pangaea fragmentation; Porter, 2012; Porter et al., 2013), and the Triassic-Jurassic
boundary (200-205 Ma) (LIP: the Central Atlantic Magmatic Province; Cohen et al.,
1999; Cohen and Coe, 2002) (Fig. 4, Table A.1 and A.2).

Not all LIPs cause Os enrichment, as recorded by ORM deposited during OAEs.
The eruption of the Siberian Traps is commonly associated with the late Permian mass
extinction event at the Permian-Triassic boundary (252 Ma; Svensen et al., 2009;
Georgiev et al., 2011, 2015; Schoepfer et al., 2013). The *?Os concentrations are not
unusually high, and initial ¥’ 0s/*®®0s ratios across the extinction horizon are variable,
but relatively more radiogenic (0.2 to 0.6) than other LIP events. Because the traps record
subaerial (rather than submarine) eruptions, their contribution to seawater is only a small
fraction of total continental runoff. More importantly, the magmatic feeders for the Traps
transected ORMs and . petroleum-bearing evaporites of the Tunguska Basin, releasing
gigatons of CO, along with significant quantities of methyl chloride and methyl bromide
(Svensen et al., 2009). Thus, given the high Os concentrations likely in such organic
matter rich sedimentary rocks relative to those of basalts, any contribution of Os to the
atmosphere via aerosols or particulate matter was likely highly radiogenic.

Bolide impacts also cause transiently high seawater Os concentrations and
unradiogenic seawater **’Os/**®0s, but are not represented in our ORM compilation.
Evidence for Os isotopic excursions of very short duration across the Cretaceous-

Paleogene boundary have been documented in carbonates and metalliferous pelagic clays



from deep-sea cores (Peucker-Ehrenbrink and Ravizza, 2000), and cliff exposures of
chalks straddling the Fish Clay horizon in Denmark (Frei and Frei, 2002; Goswami et al.,
2017). These unradiogenic Os inputs during a transient extraterrestrial event are
decoupled from atmosphere-ocean O, levels and weathering of radiogenic continental
crust.

A second group of high **?Os concentrations occurs in Late Ediacaran and Early
Cambrian ORM from South China (555-535 Ma) (Mao et al., 2002; Jiang et al., 2007,
Lehmann et al., 2007; Kendall et al., 2009b; Pi et al., 2013; Xu et al., 2013; Zhu et al.,
2013; Fu et al., 2016) (Fig. 4). These ORM are associated with radiogenic seawater
18705/ 0s values of > 0.8 and extremely high **Os concentrations (up to ~ 26,600 pg/g)
that point to significant oxidative mobilization of Os and a strong riverine Os flux. The ca.
535 Ma Niutitang Formation and ca. 555 Ma upper Doushantuo Formation (Member 1V)
are the main examples in our compilation. However, the controlling factors responsible
for these high **%0s concentrations are not well understood. These ORM were deposited
at a time of elevated crustal weathering rates associated with Gondwana assembly
(Shields-Zhou and Och, 2011). Proximal Os-rich crustal sources and ultraslow
sedimentation rates may have contributed to the high **?Os concentrations in the upper
Doushantuo Formation (Kendall et al., 2009b; Zhu et al., 2013). Alternatively, other local
depositional controls (e.g., water column pH, type of organic matter) may have been
important. The origin of extreme metal enrichments in the black shales of the lower

Cambrian Niutitang Formation and the origin of a polymetallic Ni-Mo-PGE layer in this



formation have traditionally been controversial (Mao et al., 2002; Jiang et al., 2007;
Lehmann et al., 2007; Pi et al., 2013; Xu et al., 2013; Fu et al., 2016). The two most
prevalent explanations are a submarine-hydrothermal origin (e.g. Jiang et al., 2007; Pi et
al., 2013) and a seawater origin (e.g. Mao et al., 2002; Lehmann et al., 2007; Xu et al.,
2013; Fu et al., 2016). A hydrothermal source can account for the formation of the
polymetallic sulfide layer, which might also contribute to metal ‘enrichments in the
Niutitang Formation. However, high initial **'Os/**0s ratios (~ 0.80-0.90) from separate
Re-Os isochron regressions of samples from the Ni-Mo-PGE layer and the host, non-
mineralized ORM both point to a primarily radiogenic seawater Os source rather than an
unradiogenic hydrothermal Os source (Mao et al., 2002; Jiang et al., 2007; Fu et al.,
2016). Hence, upwelling of nutrient-rich deep waters into a water-stratified, restricted
basin coupled with slow sedimentation rates are thus proposed to be the major controls on
the formation of the polymetallic sulfide layer and the metal enrichments in the Niutitang
Formation (Mao et al., 2002; Lehmann et al., 2007; Xu et al., 2013; Fu et al., 2016). Such
high **2Os concentrations are generally not observed in broadly coeval ORM from India,
suggesting that the *°0Os enrichments in the Niutitang Formation are a local phenomenon
rather than representative of the global ocean.

If these two groups of anomalous '*?Os enrichments are excluded, the average
192035 concentration of Ediacaran-Phanerozoic ORM drops to 166 pg/g (1SD = 148,
median = 106, n = 25, Table 2). In this case, the mean of 10,000 **Os bootstrap medians

is 112 pg/g with a 95% confidence interval of (72, 168) for the Ediacaran-Phanerozoic



time bin (Table 3). This mean value is not significantly different than that of the pre-
Ediacaran Proterozoic time bin (88 pg/g, 95% confidence interval of 35-159). Hence, we
conclude that there is no more than a small overall increase in the **Os concentrations of

ORM from the pre-Ediacaran Proterozoic to the Ediacaran-Phanerozoic.

5.3 Relative contributions of radiogenic and unradiogenic Os to the oceans over time
and implications for evolution of the sedimentary Os reservoir

Several knowledge gaps hamper our intentionsto further constrain the evolution
of the seawater Os reservoir. There is no robust evidence that all ORMs in our
compilation were deposited without significant basin restrictions (those ORMs with Re <
5 ng/g were excluded from our compilation, as such low concentrations indicate extreme
basin restriction; in this case the preserved Os signatures may represent local scenarios
rather than regional or global seawater). In addition, no direct relationship has been
established between dissolved Os concentrations in the bottom waters and sediment Os
concentrations for modern environments. Thus, our **?Os compilation may not capture
first-order changes of the seawater Os reservoir between time bins. Furthermore, no
correlation is observed between **?Os concentrations and initial **’Os/**Os ratios (Fig. 6);
the two time points for the Archean have relatively low *%?Os concentrations and
unradiogenic **’0s/**®0s, but data for all other time points are broadly overlapping. This
observation suggests that neither of the two end-member Os seawater sources (radiogenic

old continental crust versus unradiogenic mantle, extraterrestrial, and young juvenile,



mafic, and ultramafic crust) represents the major control on the size of the sedimentary
Os reservoir for the entirety of the past 3 Gyr. This is a logical expectation given that
unradiogenic Os inputs likely dominated the flux of Os to Archean and early
Paleoproterozoic seawater, and fluctuations in the relative inputs of radiogenic versus
unradiogenic Os to the oceans have occurred since at least 2.5 Ga (the oldest known
example of seawater '¥’0s/*®80s that is statistically higher than the mantle-extraterrestrial
baseline; Kendall et al., 2015a).

We propose that unradiogenic Os from ultramafic seafloor hydrothermal systems
and possibly weathering of mafic/ultramafic/juvenile crust were the dominant source of
Os in most of the Archean and early Paleoproterozoic ORMs because of the weak
riverine flux of Os (due to low atmospheric O, levels). The Archean mantle was likely
hotter than present day, implying enhanced effusion from ultramafic seafloor
hydrothermal systems, production of Os-rich komatiites and olivine-rich basalts in the
crust, and perhaps even mafic/ultramafic volcanic landmasses (Shirey and Walker, 1989;
Grove and Parman, 2004; Berry et al., 2008; Konhauser et al., 2009; Herzberg et al., 2010;
Kamber, 2010; Dhuime et al., 2015; Chen et al., 2016; Sobolev et al., 2016; M. Tang et
al., 2016; Ganne and Feng, 2017; Garcon et al., 2017). Komatiites (ultramafic lavas) are
enriched in Os and required very high temperature (~ 1600 °C) in the mantle for their
formation and eruption (Berry et al., 2008; Konhauser et al., 2009; Herzberg et al., 2010;
Sobolev et al., 2016). The greater prevalence of komatiites in the Archean raises the

possibility of high unradiogenic Os inputs from ultramafic-hosted hydrothermal systems,



and potentially could explain '*0Os enrichments in some Archean ORMs. However, in
widely anoxic and Fe(ll)-rich Archean oceans, transport distances for Os from seafloor
hydrothermal systems may have been short because of the limited solubility of reduced
Os species; that is, heterogeneous Archean seawater Os concentrations are possible.
Elevated *°?Os concentrations and unradiogenic initial *’Os/**®0s in some Archean deep-
sea ORMs may thus suggest relatively close proximity to a seafloor hydrothermal system.
By contrast, subaerial chemical weathering of mafic and. possibly ultramafic rocks
followed by long-distance riverine transport of Os to the oceans is difficult to visualize at
Archean atmospheric O, levels below ~ 0.001% PAL (based on mass-independent
fractionation signatures of sulfur isotopes in Archean sedimentary rocks; Pavlov and
Kasting, 2002). At such low O, levels, redox reactions involving Os and Fe(ll) would
probably remove Os from rivers (Kendall et al., 2015a). Alternatively, given the greater
preservation opportunities for shelf sediments, Archean ORM with Os enrichments and
unradiogenic initial **’Os/*®80s signatures may have been deposited near weathered Os-
rich and less radiogenic mafic/ultramafic terrains.

Changes in the composition of the continental crust, possibly due to declining heat
fluxes in Earth's interior and the onset of plate tectonics, likely had an impact on the flux
and isotopic composition of Os preserved in ORM. A transition from a relatively more
mafic to a more felsic continental crust may have occurred between 3.0 and 2.5 Ga,
possibly in association with the advent of plate tectonics (Dhuime et al., 2015; M. Tang et

al., 2016). Although felsic crust is more depleted in Os relative to mafic/ultramafic crust,



such a change would have likely increased the Re/Os ratio of the continental crust,
ultimately causing the **’0s/*®Qs of the Proterozoic and Phanerozoic continental crust
(and thus rivers) to increase at a faster rate. Moreover, elevated atmospheric O, contents
would stimulate more intense weathering of Os-rich materials in the continental crust
(ORM, sulfide minerals) so that more Os could be oxidized and released to rivers. In
addition, more oxygenated environments permit a longer transport distance of radiogenic
Os in rivers and thus delivery of Os to the oceans. With accumulation of radiogenic
crustal-derived Os in the ocean, a more radiogenic Os isotope signature is thus recorded
by marine ORM after the GOE.

The first-order increase to more radiogenic seawater **’Os/*®0s from the pre-
Ediacaran Proterozoic to Ediacaran-Phanerozoic demonstrates a larger crustal Os input
via rivers due to a more oxygenated atmosphere and weathering of more radiogenic old
continental crust. It is-extremely difficult, however, to demonstrate which factor is the
more important control on the rise in seawater **’0s/*®0s; we simply lack sufficient
information to reconstruct the growth of **’0s/**®0s ratios in the continental crust. Other
geological factors including LIPs, climate change (glacial-interglacial interactions), and
plate tectonics also influenced seawater **’Os/**®Os ratios in Proterozoic and Phanerozoic
ORM. Lower '*20Os concentrations in modern anoxic sediments compared to those in
Ediacaran-Phanerozoic ORM suggests that the non-radiogenic Os content of ORM is not
solely tied to atmospheric oxygen levels. There must be other factors that control the

release and uptake of Os in both modern and ancient systems.



6. CONCLUSIONS

Osmium is a highly compatible trace metal, reaching only pg/g levels in the
Earth’s continental crust, but has variable **’Os/*®QOs ratios that provide a powerful tracer
for the source of Os. The marine geochemical behavior of Os was reviewed in this paper,
but several knowledge gaps hamper full understanding of the marine Os cycle, including:
1) poorly constrained Os fluxes from each source; 2) poorly constrained Os fluxes into
each sink; 3) mechanisms of Os removal under different redox conditions and into
different materials; and 4) factors that influence Os uptake (temperature, pH, type of
organic matter, major host of Os). Consequently, large uncertainties remain in the total
Os input and output fluxes for the modern ocean, and the overall oceanic mass balance of
Os.

Our compilation and statistical analysis of **?Os enrichments from ORM reveals
that there was no more than a small overall increase in the **?Os concentrations of ORM
from the pre-Ediacaran Proterozoic to the Ediacaran-Phanerozoic. This analysis excluded
two-groups of anomalously high **?Os concentrations from the Ediacaran-Phanerozoic
time bin, which are attributed to unusual local depositional conditions such as proximity
to Os-rich crustal sources and/or ultraslow sedimentation rates (for the group with high
initial *’0s/*®0s ratios) and emplacement of large igneous provinces (for the group with
low initial **’Os/**®0s ratios). Very limited Archean '*°Os data precludes confident

interpretation. Our effort to define the evolution of the seawater Os reservoir over the past



3 Gyr is hampered by the lack of an established relationship between Os concentrations
in anoxic sediments and the dissolved Os concentrations of overlying bottom waters in
modern anoxic basins and, more generally, an incomplete understanding of Os
geochemical behavior and the modern oceanic mass balance of Os.

There is a first-order increase in seawater **’Os/*®0s ratios (as inferred from the
initial *3’0s/*®0s ratios calculated from Re-Os isochron regressions) from the Archean to
Phanerozoic. Most Archean and early Paleoproterozoic ORM have initial **’Os/**®0s
ratios that are indistinguishable from the mantle-extraterrestrial baseline, indicating that
the major Os source to the oceans at that time was unradiogenic Os from seafloor
hydrothermal systems and weathering of less radiogenic mafic/ultramafic/juvenile crust.
Subsequently, the development of a radiogenic riverine Os flux associated with increased
atmosphere-ocean oxygenation and weathering of more radiogenic continental crust was
responsible for the overall higher initial **’Os/***0Os ratios in Ediacaran-Phanerozoic
ORM. Superimposed on this first-order trend in seawater **’Os/**®0s were shorter-term
fluctuations related to other geological factors, including the emplacement of LIPs,

climate change, and plate tectonic reorganizations.
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Tables

Table 1. Osmium burial rates in modern marine environments

Anoxic sediments
(Anoxic basins)

Suboxic sediments

(Continental margins)

Oxic sediments

(Fe-Mn crust & nodules, pelagic
carbonates, hemipelagic muds)

San Fe-Mn Eastern
Black | Cariaco | Saanich | Pedro | Carmen | Walvis | Guaymas crusts & | Equatorial Japan
Sea® | Basin® | Inlet® | Martir | Basin® | Bay® | Basin® bl B
. nodules Pacific
Basin
Os burial
rate 2.0-3.1 | 6.5-99 16 12.2 6.9 8.7 2.2-9.5 0.0006 0.03—-0.09 | 0.05-0.11
(pg/cm?/yr)
Range of
Os burial 2-16 2-12 0.0006-0.11
rate
(pg/cm?/yr)
Modern .
seafloor 0,35/ 6.00 93.65
area ' (%)
Os burial 25-202 433-2600 2-372
flux (kg/yr)

 Ravizza et al. (1991)

® Oxburgh et al. (2007), sediments deposited in the past 15 kyr

¢ Poirier (2006)

¢ Ravizza and Turekian (1992)




¢ Dean (2006)

" see calculation steps described in section 2.3.2.

9 Paquay and Ravizza (2012)

" Dalai et al. (2005)

' Total seafloor area is 3.61x10'® cm? (Barnes and Cochran, 1990)
I Veeh (1968)

“ Dunk et al. (2002)



Table 2. Average/median **Os concentrations (pg/g), *?0s/TOC ratios (pg/g/wt.%); and

initial *3’0s/*®0s isotope ratios for organic-rich mudrocks distributed into three time bins

Time Interval n Average n Average n Average
920s | 1%20s (pglg) | *?0s/TOC | *?0s/TOC initial initial
_ (pg/giwt.%) | ¥’0s/**80s | ¥70s/*%80s
[median] y ratio ratio
[median]
[median]
Ediacaran - Phanerozoic 33 372 £ 616 21 97 £ 90 25 0.64 +£0.32
(635 - 0 Ma) all data [155] [70] [0.60]
Ediacaran - Phanerozoic 27 323 £ 666 16 76 £ 81 20 0.74 £0.27
No transient magmatic- [115] [47] [0.69]
hydrothermal events
Ediacaran - Phanerozoic 31 248 + 234 20 90 + 86 23 0.61+0.30
No South China [138] [64] [0.59]
Ediacaran-Cambrian
Ediacaran - Phanerozoic 25 166 + 148 15 66 +71 18 0.71+0.26
No anomalously high
19205 concentrations™ [106] [38] [0.65]
(635-0 Ma)
Pre-Ediacaran - 13 111 + 96 6 32+16 24 0.46 £ 0.29
Proterozoic
[82] [27] [0.43]

(2500 Ma - 635 Ma)




Archean 4

(>2500 Ma)

143 + 143

[100]

65 £ n/a

[65]

0.18 + 0.04
[0.18]

See Table A.2 and A.3 for data and data sources (n denotes number of samples).

Averages include 1SD.

* Excludes data from late Ediacaran and early Cambrian (555 and 535 Ma) organic-rich

mudrocks from South China, and organic-rich mudrocks deposited during transient

Mesozoic and Cenozoic magmatic-hydrothermal events. See text for explanation.




Table 3. Summary of the means of 10,000 **?Os bootstrap medians along with 95%

confidence intervals for each time bin

Time bin Mean of 10,000 *“Os | Bootstrap 95% confidence

bootstrap medians interval

Ediacaran-Phanerozoic 187 (91, 329)

(all data)

Ediacaran-Phanerozoic 112 (72, 168)

(no anomalous groups)

Pre-Ediacaran Proterozoic 88 (35, 159)

Archean 157 (25, 347)




Figure Captions

Figure 1. Osmium reservoirs relevant to the modern surficial Os geochemical cycle,
accompanied by their present day *®’0s/**80s isotope ratios and Os concentrations [Os].
HT = high-temperature and LT = low-temperature. References for Os isotopic
compositions and concentrations are as follows: cosmic dust (Luck and Allégre, 1983;
Walker et al., 2002; Georg et al., 2013); aeolian dust (Peucker-Ehrenbrink and Jahn, 2001;
Chen et al., 2016); organic-rich mudrocks (see Table A.1 and reference therein); rivers (a
range of estimates is shown for the global average **’0s/**80s of rivers, Levasseur et al.,
1999; Peucker-Ehrenbrink, 2002; Georg et al., 2013); anoxic muds (Oxburgh et al., 2007;
Paquay and Ravizza, 2012); seawater (Sharma et al., 1997; Levasseur et al., 1998;
Woodhouse et al., 1999; Chen and Sharma, 2009); groundwater discharge (Paul et al.,
2010); oxic sediments (Peucker-Ehrenbrink et al., 1995; Ravizza, 2001; Dalai and
Ravizza, 2006); hydrothermal fluids (Peucker-Ehrenbrink and Ravizza, 2000; Sharma et

al., 2007b); Fe-Mn crusts (Burton et al., 1999); mantle (Shirey and Walker, 1998).

Figure 2. Examples of possible mass balance solutions to explain the observed (non-

anthropogenic) deep seawater *’0s/*®0s of 1.05. Contributions from different sources



summing to the Os flux (f) in units of kg/yr are shown. HT = high-temperature and LT =
low-temperature. (a) Riverine Os flux (275 kg/yr) is the average of the estimated global
fluxes of 267 kg/yr from Sharma et al. (2007) and 283 kg/yr from Georg et al. (2013).
Groundwater Os flux is from Paul et al. (2010). Osmium fluxes from high- and low-
temperature hydrothermal fluids are from Georg et al. (2013). Cosmic Os flux is from
Sharma et al. (2007). Aeolian Os flux is from Peucker-Ehrenbrink and Ravizza (2000).
For '¥0s/*®80s, the lower end of the range of suggested global average **’0s/**®0s for
rivers (1.2—1.5; Levasseur et al., 1999; Peucker-Ehrenbrink, 2002; Georg et al., 2013) and
aeolian dust (0.8—1.4; Peucker-Ehrenbrink and Jahn, 2001; Chen et al., 2016) are used.
870s/"880s for hydrothermal fluids and ‘cosmic dust is from Georg et al. (2013).
1870s/**80s for groundwater discharge is from Paul et al. (2010). Os fluxes from volcanic
aerosols are poorly constrained but are assumed to be 10 kg/yr with a ¥’ 0s/**0s of 0.2.
This Os budget permits a deep-seawater **’0s/**0s value of 1.05. Other solutions are
possible. For example, diagram (b) shows an example with a higher Os flux (105 kg/yr)
from high-temperature hydrothermal fluids than is currently recognized (i.e., there is an
extra contribution of Os from ultramafic-hosted hydrothermal systems). In this scenario,
the *¥'0s/*®0s values of riverine and groundwater can be increased to 1.35 (keeping
remaining Os parameters unchanged) to yield the observed deep-seawater **’Os/**®0s

value of 1.05.



Figure 3. Histograms showing Os concentrations (as pg/g '°°0s) in organic-rich
mudrocks in three different time bins (Archean, pre-Ediacaran Proterozoic, and
Ediacaran-Phanerozoic). (A) individual **?Os data points; (B) **?Os time points, where
individual **?Os data points are re-assigned to time points rounded to the nearest 5'Ma
and average values are calculated for each time point. Counts for >1000 pg/g in(A) and
>700 pg/g in (B) represent the total number of data that exceed those values. Sources of

data: A - Table A.1; B - Table A.2. References are provided in Table A.3.

Figure 4. Compilation of Os concentration data (as pg/g '°°0s) from organic-rich
mudrocks through time: a) *®?Os concentrations, b) **Os concentrations normalized to
TOC (total organic carbon), c) initial **’0s/**0s isotope ratios (from Re-Os isochron
regressions), which reflect the local Os isotope composition of seawater at the time of
mudrock deposition. Error bars (2c) are shown for initial **’Os/**®0s isotope ratios. Light
blue shaded area represents the range of estimated global average river *¥’0s/**®0s for the
present day. Dark blue dashed line represents the present day deep-ocean **’0s/**0s.
Purple = Archean (>2500 Ma), Red = pre-Ediacaran Proterozoic (2500-635 Ma), Green =
Ediacaran-Phanerozoic (635-0 Ma). Light grey shaded areas represent the two major
oxygenation events: GOE = Great Oxidation Event and NOE = Neoproterozoic Oxidation
Event. Dashed lines represent formations with anomalously high ***Os concentrations. PE
= Paleocene-Eocene Thermal Maximum event (ca. 56 Ma), CT = Cenomanian-Turonian

OAE2 (ca. 93.5 Ma), A = early Aptian OAEla (ca. 120 Ma), SP = Sinemurian-



Pliensbachian boundary (ca. 190 Ma), TJ = Triassic Jurassic boundary (200-205 Ma), EC
= early Cambrian Niutitang Formation (ca. 535 Ma), LE = late Ediacaran Doushantuo

Formation (ca. 555 Ma). See Table A.1, A.2, and A.3 for data and data sources.

Figure 5. Extent of correlation between **?Os and TOC contents for all formations in the
Os compilation. Formation name and compilation age are shown for each plot. See Table

A.1 and A.3 for data and data sources.

Figure 6. Comparison of average '*?Os concentrations and average initial **'Os/**®0s
ratios for individual time points in the compilation. “Anomalous group” refers to
unusually high '%?0Os concentrations. PETM = Paleocene-Eocene Thermal Maximum:;
OAE = ocean anoxic event; T-J boundary = Triassic-Jurassic boundary; S-P boundary =
Sinemurian-Pliensbachian boundary; Fm. = Formation. See details in main text and Table

A.2 and A.3 for data and data sources.
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0s/™0s variable
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Hydrothermal fluids
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a)an example based on estimated Os fluxes to the ocean

Total Os inputs
f, =582

total Os input

"'0s/"**0s = 1.05

Rivers:
f =275

rivars

“'0s/"™0s =1.2

Groundwater:
forounauater = 182

"0s/"™0s=1.2

HT hydrothermal
fluids:

fmmdromemal =30

*'0s/"™"0s = 0.13

LT hydrothermal
fluids:

firngaromenmar = 38

"*'0s/"**0s = 0.88

Cosmic dust:
fooemicaus = 19
""0s/"™0s = 0.13

Aeolian dust:
frcotionuet = 28
08/ 0s=0.8

Volcanic aerosol:
f, =10

valcanic aarosol

“0s/"™0s=0.2

b) an example that takes into account a higher HT hydrothermal Os flux to the ocean

Total Os inputs
fiataasinus= 655
*'0s/""0s =1.05

Rivers:
frvers = 275
""'0s/'*0s = 1.35

Groundwater:
Forounsnaie = 182
"0s/"**0s = 1.35

HT hydrothermal
fluids:

Frrnyarotnerma = 108
""0s/**0s =0.13

LT hydrothermal
fluids:
Firnyarotherma = 38

""0s/"**0s = 0.88

Cosmic dust:
feasmicavs = 19
08/ 0s=0.13

Aeolian dust:
facoanaun = 28
“"0s/""0s=0.8

Volcanic aerosol:
Frotcanicacrosar = 10

"0s/™0s=0.2




b) **20s time points

a) Individual "*?0Os data
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